Recent research on normal faults has established that (1) cumulative displacement is highest near the fault center and decreases toward the tips and (2) faults lengthen as cumulative displacement increases. Half-graben-type basins are a fundamental manifestation of displacement on large normal fault systems, and thus are expected to be deepest near their centers and to grow in depth, width, and length through time. Basin growth models predict that progressively younger synextensional strata will onlap basement rocks, especially if sedimentation keeps pace with increasing basin capacity. Under certain circumstances, the models predict a transition from conditions in which sediment supply exceeds capacity (predominantly open basin) to one in which the basin is underfilled (predominantly closed basin) if sedimentation cannot keep pace with increasing basin capacity.
INTRODUCTION
Considerable progress has been made in recent years in defining the architecture of extensional basins, which are, in nearly all cases, asymmetrical features (Bally, 1982; Wernicke and Burchfiel, 1982; Anderson and others, 1983; Jackson and McKenzie, 1983; Gibbs, 1984; Leeder and Gawthorpe, 1987; Rosendahl, 1987; Rosendahl and others, 1992; Schlische, 1993) . Half graben are bounded on one margin by the border fault system (BFS) consisting of a network of mostly normal-slip faults; the opposite ramping margin is inclined at a shallower angle toward the BFS. Along-strike changes in basin geometry are known in less detail, but it is clear that basin asymmetry may alternate polarity in some rift systems (e.g., Rosendahl, 1987) or may remain unchanged for considerable distances in others (e.g., Schlische, 1993) . In addition, there is a growing appreciation that extensional basins and their bounding fault systems are segmented (e.g., Gawthorpe and Hurst, 1993) and that basin evolution involves fault-tip propagation, basin growth, and linkage of smaller subbasins (Chapin, 1979; Bosworth, 1985; Ebinger, 1989; Gibson and others, 1989; Morley and others, 1990; Schlische, 1991 Schlische, , 1992 Schlische, , 1993 Nelson and others, 1992; Klitgord and Ager, 1993; Anders and Schlische, 1994) . Nonetheless, details of extensional basin evolution remain sketchy.
A parallel research area in extensional tectonics concerns the three-dimensional geometry of normal faults and their growth through time. There are three important points: (1) Displacement is generally greatest at the center of a fault and decreases toward the fault tips ( Fig. 1 ) (e.g., Barnett and others, 1987) . (2) A positive correlation between displacement and fault length (Fig. 2) indicates that faults apparently grow in length as displacement increases (e.g., Watterson, 1986) . (3) Faults are segmented at a variety of scales ( Fig. 3 ) (e.g., Jackson and White, 1989; Peacock and Sanderson, 1991) . In some cases, the segmented faults form a kinematically linked array (e.g., Walsh and Watterson, 1991) .
In this paper, we apply the results of research on normal fault displacement geometry, fault segmentation, and fault growth to extensional basin evolution. In particular, we explore the first-order stratigraphic effects of the growth of extensional basins in length, width, and depth through time as well as the consolidation of originally isolated subbasins. The models presented in this report are based purely on the geometric evolution of faults and the associated basins. Consequently, the models ignore the isostatic effects of sediment loading and erosion of uplifted footwall blocks, fail to account for sediment compaction, and do not incorporate changes in climate. Despite these obvious limitations, it is our hope that these basin growth models will provide a framework for interpreting the stratigraphic record of extensional basins in order to unravel the tectonic controls on sedimentation as well as the evolution of these basins and their bounding fault systems.
GEOMETRY AND GROWTH OF NORMAL FAULTS
Detailed studies of individual normal faults have shown that maximum displacement occurs at or near the center of the fault and decreases to zero at the tips ( Fig. 1) (Chapman and others, 1978; Muroaka and Kamata, 1983; Barnett and others, 1987; Walsh and Watterson, 1987; Scholz and others, 1993; Dawers and others, 1993) . These variations in fault displacement are scale-invariant, having been reported on faults ranging in length from a few centimeters (microfaults cutting lacustrine strata in Mesozoic rift basins in eastern North America; R. W. Schlische, R. V. Ackermann, and P. E. Olsen, unpublished data) to tens and hundreds of meters (faults cutting the Bishop Tuff in the Volcanic Tablelands, California; Fig.  1A ) to tens of kilometers (normal fault within the Kenya rift; Fig. 1B ). As is amply demonstrated by the faults in the Volcanic Tablelands and Kenya rift, the along-strike displacement profile resembles a bell-shaped curve, a geometry that is selfsimilar over a wide range of fault length scales. As a result of these along-strike variations in fault displacement, hangingwall depressions produced by the faulting resemble elongate synclines in longitudinal profile (parallel to the fault).
Along-strike variations in fault displacement are also evident in the patterns of footwall uplift associated with large range-bounding normal faults (Zandt and Owens, 1980; Jackson and McKenzie, 1983; King and Ellis, 1990) . The magnitude of the footwall uplift commonly reaches a maximum near the center of the fault system and tapers off to zero near the ends (e.g., Zandt and Owens, 1980; Jackson and McKenzie, 1983; Anders and Schlische, 1994) . Uplift results from elastic rebound during seismic slip events ( Fig. 1C ; Stein and Barrientos, 1985) and isostatic adjustment to unloading of the footwall block (Jackson and McKenzie, 1983) .
Displacement also varies with distance measured normal to the fault: maximum displacement occurs at the fault surface and exponentially decreases away from the fault in both the hanging wall and the footwall (Barnett and others, 1987) . The term Òreverse-dragÓ or ÒrolloverÓ is commonly applied to this type of hanging-wall geometry, which is historically associated with movement on listric normal faults (e.g., Hamblin, 1965; Gibbs, 1984) . As noted by Barnett and others (1987) and Roberts and Yielding (1994) , this geometry is also associated with planar faults and cannot be exclusively used to infer the presence of listric normal faults.
The displacement geometry parallel and normal to fault surfaces described above also applies to the slip distribution following earthquakes on normal faults, such as the 1983 Borah Peak earthquake on the Lost River fault, Idaho ( Fig. 1C ; Stein and Barrientos, 1985; Barrientos and others, 1987) . Note how longitudinal profile b-b' resembles an elongate syncline; furthermore, transverse profile a-a' exhibits a classic halfgraben geometry. These geometric similarities strongly suggest that half-graben basins associated with large normal faults formed as a result of repeated seismic slip events (Stein and others, 1988) .
In addition to the characteristic displacement geometry, fault populations exhibit a relationship between length and displacement ( Fig. 2) :
Stratigraphic effects and tectonic implications of normal-fault growth
where D is displacement, L is length, c is a constant related to rock properties, and n is some exponent. This relation is interpreted to indicate that short faults with small displacements grow into longer faults with larger displacements over time (e.g., Watterson, 1986) . Cowie and Scholz (1992b) presented a quantitative model in which fault growth occurs because additional displacement on a fault of finite length increases the displacement gradient, which controls the stress concentration at the fault tips; when this stress exceeds the strength of the rock, fracturing occurs at the fault tips, which then propagate through the fractured rock.
Considerable controversy surrounds the exact value of n in the scaling relation in Equation 1. Watterson (1986) and Walsh and Watterson (1988) originally proposed that n=2. Using larger data sets and by combining data, Marrett and Allmendinger (1991) , Gillespie and others (1992) , and Walsh and Watterson (1992) argued that nÅ1.5 best fits the data. Scholz and Cowie (1990) and Cowie and Scholz (1992a,b) suggested that nÅ1 for individual data sets; furthermore, Cowie and Scholz (1992a) argued that fault populations from different tectonic regions and rock types would likely have different values of c and therefore should not be combined. For n=1, the growth process is self-similar (Cowie and Scholz, 1992a) . Dawers and others (1993) recently examined a population of normal faults from the Volcanic Tablelands, California. Fault lengths span three orders of magnitude and exhibit a linear relation with fault displacement (n=1) (see Fig. 2 ). The value of n does not affect the qualitative predictions of the basin growth models presented below, although it does influence basin geometry and stratigraphy to some extent.
Normal fault systems at all scales are commonly segmented (Schwartz and Coppersmith, 1984; Jackson and White, 1989; Crone and Haller, 1991; Machette and others, 1991; Peacock and Sanderson, 1991; Roberts and Jackson, 1991; Stewart and Hancock, 1991; Zhang and others, 1991; Gawthorpe and Hurst, 1993; Anders and Schlische, 1994; Davison, 1994; Dawers and Anders, 1994; Jackson and Leeder, 1994; Trudgill and Cartwright, 1994; Wu and Bruhn, 1994) . Fault-segment boundaries are recognized by bends in the fault trace, overlaps, offsets, apparent deficits in hanging-wall subsidence, and differences in the age of faulting on either side of the segment boundary. For basin-bounding faults in the Basin and Range, the typical segment length is 20-25 km. For some larger fault systems, centrally located segments (with higher displacements) are longer than distal segments ( Fig. 3A ; Crone and Haller, 1991; Machette and others, 1991; Wu and Bruhn, 1994) . We suggest that the longer segments may have formed through the consolidation of smaller segments.
Neotectonicists consider many segment boundaries to be barriers to seismic ruptures and thus regions of displacement deficit (Schwartz and Coppersmith, 1984; Wheeler, 1987; Crone and Haller, 1989; Zhang and others, 1991) . Anders and Schlische (1994) argued that some segment boundaries within the northern Basin and RangeÑexcept those at the ends of large fault systemsÑare not associated with footwall elevation lows, which would be the case if there were a displacement deficit (see Figs. 3B and 3C) . However, some segment boundaries coincide with (1) regions of overlapping normal faults that distribute displacement and subsidence among the multiple splays and (2) regions in which fault tips have propagated toward one another. Specific examples are given below.
Fault segments within a larger array are commonly kinematically linked (Larsen, 1988; Morley and others, 1990; Peacock and Sanderson, 1991; Walsh and Watterson, 1991; Davison, 1994; Dawers and Anders, 1994; Trudgill and Cartwright, 1994) . In perhaps the most common linkage involving overlapping faults, the displacement on one fault decreases as that on the other increases; relay ramps form in the region of overlap. Individual faults within the array display along-strike variations in fault displacement similar to those mentioned above for isolated faults; however, displacement gradients are higher in the vicinity of overlapping fault segments (Peacock and Sanderson, 1991; Trudgill and Cartwright, 1994) .
MODELS FOR THE GROWTH OF EXTENSIONAL BASINS

Basins bounded by a single fault
A half graben is simply a fault-bounded basin. Therefore, as the border fault increases in length during accumulation of displacement, the basin increases in length, width, and depth ( Fig. 4 ; Gibson and others, 1989; Schlische, 1991) . Alongstrike variations in displacement on the border fault are responsible for the broadly synclinal geometry of the basin in longitudinal section. (Fig. 4) . Because fault growth requires maintaining a critical displacement geometry, which is governed by the cohesive strength of the surrounding material (Cowie and Scholz, 1992b) , the geometry of displacement variations remains fairly constant during the growth process (Fig. 4) . Note that the fault need not lengthen following each slip event; furthermore, the entire fault need not rupture during a given slip event. Once a sequence of slip events has created a critical displacement profile, the fault tips will propagate (Cowie and Scholz, 1992b) .
Basin expansion affects the thickness and geometry of synextensional stratal units. These units are thickest adjacent to the boundary normal fault at or near the center of the fault and thin in all directions toward the edges of the basin. Assuming that sedimentation can keep pace with subsidence, younger sediments are deposited over a progressively larger depositional surface area. Consequently, strata progressively onlap pre-extensional rocks along the entire hanging-wall margin of the basin. Stratal onlap should be observable in transverse and longitudinal sections (Fig. 4) . Transverse onlap in continental extensional basins is generally interpreted to reflect the filling of a basin that is widening through time (Leeder and Gawthorpe, 1987; Gibson and others, 1989; Schlische and Olsen, 1990; Schlische, 1991) . In basins affected by erosion, longitudinal onlap may also be expressed in map view. As shown in stage 4 of Figure 4 , the second oldest stratal unit pinches out along strike; Schlische (1993) termed this geometry Òlongitudinal pinchout.Ó Note also that the oldest stratigraphic unit does not crop out at the surface.
The above-stated assumption that sedimentation can always keep pace with subsidence is unlikely in many circumstances. If the amount of hanging-wall subsidence relative to footwall uplift implied by Fig. 1C is correct, then the footwall could not supply enough sediment to fill the basin, even if erosion could keep up with uplift. However, other data (Stein and others, 1988) suggest that the ratio of hanging-wall subsidence to footwall uplift is 2:1 to 1:1. In the latter case, the footwall could theoretically supply enough sediment to keep the basin filled. The hanging-wall block is also an important source of sediment. In fact, in the East African rift system, much of the sediment entering the basins is derived from the hangingwall block or from axial sources (e.g., Cohen, 1990) . Of course, in areas of distributed extension, such as the Basin and Range, the distinction between hanging-wall and footwall blocks blurs: one basinÕs footwall is anotherÕs hanging wall.
The large number of modern basins that are at present underfilled with sediments (e.g., basins containing lakes in East Africa, Baikal rift system, some basins in the Basin and Range) also indicates that sedimentation cannot always keep up with subsidence. On the other hand, the stratigraphic record of many ancient extensional basins (specific examples are discussed below) indicates that at least initially sedimentation matched or exceeded subsidence. This condition is more likely to be met in basins that are fed by regional drainage systems. A modern example of this is provided by the Ruzizi River, which has infilled the northernmost half-graben unit within the Tanganyika rift system (Lambiase, 1990) .
For basins in which there is initially an excess of sediment, basin growth (the progressive increase in the length, width, and depth of the basin) suggests that these basins may undergo a transition from being overfilled to underfilled (sediment-starved). If the rate at which basin capacity increases is much greater than the rate of sediment infilling, younger strata may no longer onlap preextensional rocks but instead pinch out against older synextensional strata. Once tectonic activity ceases, the basin will fill with sediment. In summary, basin growth and filling models predict a tripartite basin evolution: (1) initially, sediment supply exceeds basin capacity; drainage is predominantly external; (2) the basin becomes underfilled with predominantly internal drainage; and (3) the basin fills and drainage becomes external after faulting ceases. Note that the stage 1 may not always be developed (depending on relative rates of sediment supply and increases in basin capacity) but is especially likely in the initial stages of basin development when the basin is short, narrow, and shallow. Episodic extension may lead to multiple tectonostratigraphic packages (see Lambiase, 1990) . External changes in drainage systems and climate may complicate the stratigraphy. For example, erosional downcutting of basin outlet may result in transition from an underfilled closed basin to an overfilled open basin, and increased precipitation may lead to an increase in sediment supply.
According to Schlische and Olsen (1990) , depositional environments in basins in which sediment supply exceeds capacity consist predominantly of basin-wide fluvial systems, although local ponding of water can occur. The basin is externally drained. In the remainder of this paper, we will refer to this depositional environment simply as Òfluvial.Ó If the basin is underfilled, the excess capacity of the basin may be occupied by a lake, provided sufficient water is available. Fluvial and deltaic sedimentation occurs around the margins of the lake. The relative amounts of lacustrine and fluvial/deltaic sedimentation depend on the size of the lake (a function of climate) with respect to the excess capacity of the basin. Under most circumstances, the underfilled basin will be internally drained, unless the level of the lake reaches the lowest outlet of the basin. Despite the wide range of depositional environments represented by the underfilled state, we will refer to them simply as Òlacustrine.Ó The above discussion applies to basins in terrestrial settings. Postma and Drinia (1993) applied some of these concepts to marine half graben.
The value of the exponent n in the fault-growth scaling law is important in influencing extensional basin geometry and stratigraphy. As shown in Figure 5 , for equivalent displacements and values of the scaling parameter c, the basin for which n=1 is considerably larger than the basins for which n>1. This suggests that the relationships among basin length, width, and depth can be used to constrain n. Furthermore, as n decreases and all other parameters are held constant, the transition from sediment excess to sediment-starvation should occur at earlier and earlier stages in the extensional history. However, it may be unrealistic to assume that sediment supply rates will remain constant if growing basins capture additional drainages.
The value of n also affects trends in sediment accumulation rates in growing extensional basins. Accumulation rate data shown in Figures 6A (n=1) and 6B (n=2) were obtained from basin growth and filling models similar to those in Figure 4 in which the total volume of sediment supplied to the basin per unit time was constant (Schlische, 1991) . Accumulation rates (normalized to permit easier comparison) in both models first rapidly increase, reach a maximum near the Òflu-vialÓ-ÒlacustrineÓ transition, and then decline. The rate of decline is faster in the basin for which n=1. The models also indicate that trends in accumulation rate depend on location within the basin: curve 1 in Figures 6A and B is based on data from near the center of the basin, whereas curve 2 was derived from measurements taken nearer the edge of the basin. Note that the form of the accumulation rate curves for the basin growth models are substantially different from the full-graben model ( Fig. 6C ) in which the length of the basin is fixed and the width and depth increase through time (Schlische and Olsen, 1990) .
The trends in accumulation rates are considerably differ-ent if the basin is always filled to capacity. In a growing basin for which n=1, accumulation rates remain constant at the center of the basin (as long as the fault displacement rate is constant) but increase through time at more edgeward localities. For the n=2 case, accumulation rates increase everywhere within the basin through time (Gibson and others, 1989) . In the full-graben model, accumulation rates everywhere within the basin are equal to the subsidence rate. The models shown in Figure 4 assume that both fault tips are free to propagate along strike. Even if one fault tip is pinned (perhaps it has propagated into a region where the cohesive strength of the rock is locally higher), the other tip may still propagate, and the locus of maximum subsidence shifts with it ( Fig. 7A ). Thus the depocenter of the basin migrates in the same direction as the propagating fault tip. Like all features associated with fault and basin growth, this process should leave a characteristic signature in the stratigraphic record. Note that in Figure  7A the position of the depocenter is offset somewhat from the region of maximum depth to basement. Transfer faults may form to accommodate strain if both fault tips are inhibited from propagating ( Fig. 7B ).
Basins bounded by multiple fault segments
As noted above, normal fault systems commonly consist of multiple fault segments, and thus the model shown in Figure 4 is an oversimplification in some cases. The geometry of these multiple fault segments may be classified on the basis of the amount of overlap of adjacent fault segments (Anders and Schlische, 1994) . Case 1 involves faults that do not overlap in map view (Fig. 8) . In Case 2 , the fault segments overlap but are closely spaced relative to the size of composite basin (Fig. 9) . Case 3 concerns widely spaced overlapping faults (Fig.  10 ). Next we explore the stratigraphic implications of the growth of segmented fault systems.
Case 1: No overlap. In the first stages, each fault segment is associated with its own isolated sedimentary basin (Fig. 8, stage 1) . Each subbasin resembles a simple basin bounded by a single border fault (Fig. 4) . The oldest stratigraphic units are restricted to each subbasin and thicken from the edges of the subbasin toward its center. As displacement increases on the individual fault segments, the fault tips propagate toward one another.
After the faults have merged, stratigraphic units are deposited basin-wide but nonetheless thin toward the region where the fault segments merged, for this is an area of displacement deficit known as an intrabasin high (Fig. 8, stage 2; Anders and Schlische, 1994) . In order for the fault system to maintain the proper scaling relationship between length and displacement (Equation 1; Fig. 2 ), displacement must increase in the zone of merger to compensate for the greatly increased length of the fault zone following merger. As displacement increases in the zone of merger, we expect little increase in the length of the fault zone; this is because the displacement profile is not in the critical state required for fault tip propagation (Cowie and Scholz, 1992b) . After the displacement deficit is eliminated and a critical displacement profile is re-established, the fault system can begin to lengthen again. Stratigraphic units deposited during this stage of basin evolution thicken toward the center of the composite basin (Fig. 8, stage 3) .
The model in Figure 8 assumes that the fault segments merge in the same plane; this is reasonable if basin development occurs as a result of localized partial reactivation of preexisting faults. In other cases, it is more likely that the fault segments will overlap to some extent as the fault tips propagate toward and past one another.
Case 2: Closely spaced overlapping faults. The first stages of the evolution of a basin bounded by closely spaced overlapping faults are similar to that of a Case 1 basin: each fault segment is associated with an isolated subbasin containing a restricted stratigraphic wedge (Fig. 9 , stage 1). While displacement accrues on the individual fault segments, the fault tips propagate; eventually the fault segments overlap in map view. At this stage, the originally isolated basins merge, and stratal units are deposited basin-wide. Once again, stratigraphic units are expected to thin toward the intrabasin high marking the region of merger and its attendant temporary fault displacement deficit (Fig. 9, stage 2) . The geometry of the basin and stratigraphic units deposited after this stage depends on the number of fault segments that remain active. If the basin develops a single, continuous (albeit somewhat curved) border fault system, the displacement deficit in the merger zone is overcome, and the geometry of stratigraphic units in longitudinal section closely resembles that of a Case 1 basin in stage 3 of its evolution (see Fig. 8 ). If multiple overlapping fault segments remain penecontemporaneously active, total fault system displacement is distributed among the various fault segments, such that the depth of the basin in the region of merger is reduced compared to those parts of the basin bounded by a single fault (Fig. 9, stage 3) . Thus, even those units deposited after the original displacement deficit is overcome in the merger zone still thin toward this region, which may be termed a persistent intrabasin high (R.V. Ackermann, pers. commun., 1993) . The intrabasin high developed in the Case 1 basin is not persistent.
According to Gawthorpe and Hurst (1993) , the zone of overlap in stage 1 of Figure 9 is classified as an interbasin transfer zone, whereas it is called an intrabasin transfer zone in stages 2 and 3. In stage 1, footwall uplift is minimal in the zone of overlap, which could therefore serve as a region in which drainages enter the basins (Gawthorpe and Hurst, 1993) and deposit coarse clastic material. By stage 3, footwall uplift is at its maximum in the zone of the overlap (see Fig. 7b in Anders and Schlische, 1994) , thus limiting drainage into the basin in this region. Sediments deposited on and around the intrabasin high should be finer-grained than those that accumulated during stages 1 and 2.
Case 3: Widely spaced overlapping faults. In this type of basin geometry, the fault segments are so widely separated that the individual basins may never merge (Fig. 10) . Therefore, the geometry of stratigraphic units in each basin resem-bles that of the isolated basin in Figure 4 . Although separate from one another in map view, the overlapping faults may be still kinematically linked. Linkage would be indicated if the total displacement profile (obtained by summing the displacement on the multiple segments in the direction of extension) is identical to that of an isolated fault. For all three stages in Figure 10 , the zone of overlap is classified as an interbasin transfer zone by Gawthorpe and Hurst (1993) . Footwall uplift is minimal in the zone of overlap throughout the evolution of the fault system; drainages are therefore likely to exploit these lows (Gawthorpe and Hurst, 1993) .
The three cases of overlapping faults described above involve faults that dip in the same general direction. Figure 11 shows the development of a composite basin in which the border faults dip toward one another. Consequently, as the fault tips approach, they begin to interfere with one another. Interference may be avoided if the fault tips curve (Figure 11 , stage 3). Because these sections of the faults are no longer perpendicular to the extension direction, they experience a higher component of strike slip. The higher strike-slip component and reduced displacement toward the fault tips result in a lower amount of basin subsidence in this zone, forming a high-relief accommodation zone (nomenclature of Rosendahl, 1987) , also referred to as isolation accommodation zones (Versfelt and Rosendahl, 1989) and antithetic interbasin highs (Gawthorpe and Hurst, 1993) . Stratigraphic units should thin toward this region.
The geometries of the stratigraphic wedges shown in Figures 7-11 were constructed assuming that basins or subbasins were always filled to the lowest outlet of the basin. This corresponds to a ÒfluvialÓ depositional environment, as described above. Assuming a finite supply of sediment, a transition from ÒfluvialÓ deposition to Òlacus-trineÓ sedimentation could be produced at any time during the enlargement of the basin or subbasin. A switchover to ÒlacustrineÓ sedimentation may be more likely in the period during and following subbasin merger, especially if the width of the basin increases to scale with newly increased length. Again, as noted previously, the timing of any ÒfluvialÓ-ÒlacustrineÓ transition may be influenced by the growing basin capturing additional drainages. The geometry of stratal units deposited in a sediment-starved basin will not differ too greatly from those depicted in Figures 7-11 . At the edges of the composite basins, younger stratal units may pinch out against older synextensional units instead of onlapping ÒbasementÓ rocks.
EXAMPLES OF FAULT AND BASIN GROWTH
The fault and basin growth models discussed above predict specific fault, basin (or subbasin), and stratal geometries as well as major facies transitions. In the sections below, we document examples of these features from the Basin and Range province and the Mesozoic rift system of eastern North America.
Basin and Range
As discussed previously, many of the fault systems within the Basin and Range are segmented. According to Crone and Haller (1991) , the 120-km-long Beaverhead fault system of eastern Idaho consists of six fault segments (Fig. 3A) . The boundaries of the southernmost three segments are marked by regions of overlapping faults and intrabasin highs ( Fig. 12A ; Anders and Schlische, 1994 12A ; Anders and Schlische, 1994) . Displacements on the main range-bounding faults to the north and south of the intrabasin high are both approximately 3 km (Anders and others, 1993; Anders and Schlische, 1994) . Therefore, although the displacements are comparable in the subbasins and intrabasin high, maximum basin depth in the intrabasin high (~0.5 km) is considerably less than that of the flanking subbasins because displacement is distributed on multiple overlapping faults. The northern intrabasin high known as Middle Ridge is also characterized by multiple overlapping faults and reduced hangingwall subsidence as evidenced by outcrops of Tertiary strata ( Fig. 12A ; Anders and Schlische, 1994) . Neither intrabasin high is associated with footwall elevation lows, further suggesting that these are not sites of long-term displacement deficit (Anders and Schlische, 1994) .
The stratigraphic sequence within the Blue Dome intrabasin high is tilted uniformly (Rodgers and Anders, 1990) . Note that two locations in the Blue Dome intrabasin reported to have tilts of 4¡± 4¡ and 5¡± 4¡ (Rodgers and Anders, 1990) were subsequently determined to be on a large landslide block. A similar stratigraphic sequence to the south of Blue Dome exhibits progressively gentler tectonic tilts. Anders and Schlische (1994) concluded that the southernmost segment of the Beaverhead fault system (Fig. 12A) was active prior to the splay faults within the intrabasin high. These splay faults subsequently formed as the tips of the fault segments bounding Upper and Lower Birch Creek Valleys propagated toward one another, similar to the basin evolution shown in Figure 9 . Anders and Schlische (1994) suggested a similar origin for the Middle Ridge intrabasin high. The difference in strike between the intrabasinal splay faults and the main range-bounding fault segments of the Beaverhead fault system is attributed to a change in the extension direction during fault and basin growth (Anders and Schlische, 1994) .
Six fault segments comprise the Lost River fault system of east-central Idaho (Figs. 3A, C ; Crone and Haller, 1991) , two of which ruptured in 1983 during the M s =7.3 Borah Peak earthquake (Richins and others, 1987; Crone and others, 1987) . As with the Beaverhead fault system, the hanging wall of the northern Lost River fault system is characterized by elevation lows (Round Valley, Antelope Flat, Thousand Springs Valley) covered mostly by Quaternary alluvium separated by intrabasin highs (Antelope Hills and Willow Creek Hills) marked by outcrops of Paleozoic rocks and multiple overlapping splay faults (Fig. 12B) . Furthermore, the intrabasin highs are not associated with marked footwall elevation lows (Fig. 3C) , suggesting no long-term displacement deficit in these regions. It is our contention that displacement is distributed on the overlapping faults within the intrabasin highs, the sum of which is similar to the displacement on the main range-bounding faults adjoining the Antelope Flat and Thousand Springs Valley subbasins. However, a lack of appropriate exposures precludes more precise quantitative estimates of fault displacement. Nonetheless, the similarity of the geometry of the intrabasin highs along the Lost River fault to those along the Beaverhead fault suggest that the intrabasin highs are the sites where fault segments propagated toward one another.
Two strands of the 140-km-long Grand Valley/Star Valley fault system, Wyoming (Fig. 3A) , overlap each other over a distance of 10 km, forming an intrabasin high between them (Fig. 12C) . Studies of latest Quaternary rupturing history of the Star Valley fault system others, 1986, 1992; Anders and others, 1989; McCalpin and others, 1990) showed that coeval ruptures occurred on both sides of the intrabasin high, suggesting that ruptures transfer from one segment to the other. In the zone of overlap, the basin depth for each fault strand is over 1 km (proprietary Chevron Research seismic reflection data). Seismic reflection studies (Dixon, 1982) and proprietary seismic reflection data (Chevron Research) also show that the maximum basin depth is about 3.5 km. Fault displacement is highest near the centers of both the northern and southern fault segments and tapers to zero at the segment ends. The displacement profiles of these segments are therefore similar to those of isolated normal faults (Barnett and others, 1987; Walsh and Watterson, 1987) . This strongly suggests that the intrabasin high formed where the two segments linked together to form the larger Star Valley fault system. As with the Blue Dome intrabasin high along the Beaverhead fault, the total displacement in the region of the intrabasin high represents a large percentage of the total displacement for the deepest parts of the adjoining basins. Wu and Bruhn (1994) concluded that the South Oquirrh Mountains fault system of Utah resulted from the growth and linkage of four fault segments. On the basis of geomorphological data, Jackson and Leeder (1994) inferred that the northern end of the Pierce segment of the Pleasant Valley fault system in Nevada (Fig. 12D ) grew by ~50 m per earthquake slip event. Other examples of fault segmentation, overlapping faults, and associated structures in the Basin and Range are discussed by Schwartz and Coppersmith (1984) , Jackson and White (1989) , Crone and Haller (1991) , Machette and others (1991) , Zhang and others (1991) , and Gawthorpe and Hurst (1993) .
In the specific examples discussed above, the fault segments dip in the same direction. The Sou Hills is a bedrock high (Fonseca, 1988) exposed in the overlap zone between the oppositely dipping Dixie Valley and Pleasant Valley fault systems (Fig. 12D ). This overlap zone is classified as antithetic interbasin by Gawthorpe and Hurst (1993) . Unlike the intrabasin highs in the northern Basin and Range described above, the Sou Hills bedrock high (an interbasin high) corresponds to a low in the elevation of the footwall blocks. In this case, a fault segment boundary does correlate with a footwall elevation low and a region of displacement deficit.
As discussed in the basin growth and filling models above, hanging-wall onlap is diagnostic of basin growth. Transverse onlap has been reported in the following Cenozoic basins of the Basin and Range: Dixie Valley, northern Fallon basin, and Diamond Valley basin of Nevada (Anderson and others, 1983 , their figures 4-6) as well as the Railroad Valley basin of Nevada ( Fig. 13A ; Vreeland and Berrong, 1979) . The onlap suggests that these basins widened as they filled.
Basin growth and filling models also predict a tripartite stratigraphy, which has been reported by DiGiuseppi and Bartley (1991) for the White River Valley basin, Nevada. The middle lacustrine unit accumulated during closed basin sedimentation during active faulting. The overlying fluvial unit represents the post-faulting infilling of the basin. The presentday open drainage of the basin is a result of downcutting by tributaries to the Colorado River.
The simple tripartite stratigraphy predicted by the models need not be present in all Basin and Range basins for the following reasons: (1) Given the regionally distributed nature of extension, not all basins may have started out with a sediment excess corresponding to ÒfluvialÓ sedimentation. (2) A large part of the basin fill consists of igneous material, which the basin filling models presented above did not consider. In addition, lava flows can create dams that raise the outlets of basins. (3) Downcutting by streams can lower the elevation of the basinÕs outlet. (4) As much of the basin fill is buried by the present-day depositional surface, considerable uncertainty surrounds the recognition of basin-scale changes in depositional environment through time.
Triassic-Jurassic Basins of Eastern North America
The early Mesozoic breakup of Pangea resulted in the formation of numerous rift basins along the east coast of North America (Fig. 14A, inset ) (e.g., Manspeizer, 1988) . The majority of these basins are half graben (see Fig. 15 ) bounded along one margin by predominantly normal-slip border fault systems (BFS). These faults were syndepositionally active as indicated by an increase in thickness of synextensional units toward the BFS and a decrease in dip in younger units ( Fig.  15 ; Schlische, 1993 , and references therein). The BFS generally parallels the grain of older Paleozoic structures; consequently, most of the border faults are known or inferred to be reactivated structures (e.g., Swanson, 1986 ). The BFS is also commonly segmented, with segment boundaries marked by changes in fault strike or fault overlap. Relay ramps and rider blocks occur between overlapping fault segments (Schlische, 1993) .
Basin-scale morphology in longitudinal section may be inferred from the map trace of the contact between prerift rocks and synrift strata (Fig. 14A) . The distance of this contact from the BFS (the width of the basin) is a proxy for the amount of extension and hence fault displacement (Schlische, 1993) . Where the trace of this contact is concave toward the BFS, the basin is synclineshaped. Intrabasin highs occur where the trace of the contact is convex, typically at fault segment boundaries. The Pomperaug, Richmond, Culpeper, and Newark basins each consist of a single plunging elongated syncline, although this geometry is complicated by intrabasinal faults. The Hartford-Deerfield, Dan River, and Deep River basins consist of multiple broad synclines separated by narrower intrabasin highs (Fig. 14A) . The synclinal geometry of the Newark basin is corroborated by stratigraphic thickness relations (Schlische, 1992) ; for example, the width of the Lockatong Formation (shown in black in Fig. 14A ) increases appreciably from the ends of the basin toward its center. The synclinal geometry of basins or subbasins reflects the characteristic displacement geometry of normal faults (Fig. 1) , a feature reproduced in the models in Figures 4 and 7-11 .
Maximum basin or subbasin length is plotted against maximum basin or subbasin width in Figure 14B . It is clear that shorter basins or subbasins are narrower than longer basins or subbasins and that the relation is linear; maximum width is approximately one-fifth of maximum length. If basin width is linearly related to the amount of BFS displacement as suggested by Gibson and others (1989) , then this linear plot may be indicative of a linear relationship between fault length and displacement, suggesting that n=1 in Equation 1. A plot of maximum basin or subbasin length versus maximum inferred basin depth (Fig. 14C) shows considerably more scatter. This is not entirely surprising because basin depth is a function of both fault displacement and dip angle (Morley, 1988) .
The typical Triassic stratigraphy consists of a basal fluvial unit overlain by lacustrine strata ( Fig. 16 ; Olsen and others, 1989; Schlische and Olsen, 1990; Schlische, 1991 Schlische, , 1993 Smoot, 1991) . The deepest lake facies occur near the base of the lacustrine succession and then generally shoal upward. Where the fluvial-lacustrine transition is known in detail (e.g., from cores of the Newark basin; Olsen and others, 1994) , it appears that the change is not abrupt. In some basins, the shallow-water lacustrine deposits are capped by fluvial strata. In the northern basins, this Triassic sequence is overlain by an Early Jurassic-age package of lava flows and intercalated lacustrine (commonly deep water) strata overlain by shallow lacustrine and, in some cases, fluvial strata (Fig. 16) . Similar stratigraphic sequences occur in numerous rift basins of varied age, although the basal ÒfluvialÓ sequence is not universally present (Table 1 ; Lambiase, 1990) .
The switchover from initial ÒfluvialÓ to subsequent ÒlacustrineÓ deposition in these basins represents a transition from an excess supply of sediments to sediment-starvation. Schlische (1991 Schlische ( , 1993 attributed this transition to basin growth: the increasing length, width, and depth of the basin resulted in a positive rate of increase in basin capacity (see Fig. 4 ). As noted by Schlische (1993) , ÒfluvialÓ-ÒlacustrineÓ transitions may also be produced by a decrease in the sediment-supply rate. However, we consider it more likely that sediment supply would actually increase through time as the expanding basin captures more drainage systems, although regional downcutting could take drainages away from the basin (e.g., DiGiuseppi and Bartley, 1991) . Another possibility is that some tectonic event deepened the basins, allowing lacustrine sedimentation to occur. However, the gradual ÒfluvialÓ-ÒlacustrineÓ transition in the Newark basin is not compatible with abrupt tectonic deepening of the basin. Lacustrine deposits in the Mesozoic basins generally shoal upwards. Superimposed on this long-term trend are periodic and hierarchical Milankovitch-type climatic cycles (e.g., Olsen and others, 1989) . Schlische and Olsen (1990) attributed the long-term upward shoaling to the effects of basin growth, i.e., available water was spread out over a larger and larger region. Another possibility is that the long-term upward shoaling of the lakes represents a regional climatic change.
As we noted earlier, long-term trends in sediment accumulation rate may be influenced by basin growth. Normalized accumulation rates for the Newark basin (Fig. 6D ) are based on thicknesses of fixed-period Milankovitch-type lake-level cycles measured in seven long drill cores (Schlische and others, 1991; Silvestri and Schlische, 1992; Olsen and others, 1994) . Accumulation rates are not known in the fluvial interval because Milankovitch cycles are not developed. Within the lacustrine part of the Newark basin section, accumulation rates first increase, reach a maximum approximately 10 m.y. after the fluvial-lacustrine transition, decline to their initial values, and then remain unchanged through the close of the Triassic. This pattern is in general agreement with predictions of the basin growth models shown in Figure 6 ; however, maximum accumulation rates occur considerably later in the rifting history of the Newark basin than in the models and none of the models reproduces the uniform accumulation rates observed in latest Triassic strata. The Newark basin data are clearly not consistent with the predictions of the full-graben model of Schlische and Olsen (1990) .
Interestingly, accumulation rates for the lower part of the lacustrine section are virtually identical to those for the upper part, which in general was deposited under much shallower water (Figs. 6 and 16 ). This indicates that over the long term, accumulation rates are not linked with the wetness or dryness of the lacustrine facies. On the other hand, Silvestri and Schlische (1992) demonstrated that accumulation rates are affected by Milankovitch-type climatic cycles (higher accumulation rates during wetter periods). This suggests that the long-term upward shoaling is not a manifestation of climatic change but rather reflects basin growth.
Accumulation rates determined for earliest Jurassic lacustrine strata intercalated with extrusive rocks of the Newark basin are significantly higher than for Triassic strata (see Fig. 6D ). These markedly higher accumulation rates in the Newark basin are associated with a period of apparent increase in fault displacement rates (Fig. 17) . Similar increases in fault heave are associated with the extrusive intervals within the Fundy, Deerfield, Hartford, and Culpeper basins. Schlische and Olsen (1990) suggested that this increase in accumulation rates reflected asymmetric basin deepening associated with an increased extension rate. An alternative interpretation is that the loading of large volumes of basalt in a short period of time (600 kyr; Olsen and Fedosh, 1988; Olsen and others, 1989) caused additional hanging-wall subsidence.
Transverse onlap has been observed in sections transverse to the BFS in the Fundy, Newark, and Richmond basins (Fig. 13) . Onlap is difficult to observe in longitudinal section but may be inferred from longitudinal pinchouts that occur in map view (see Fig. 4, stage 4) . Longitudinal pinchout occurs at the northern end of the Newark basin and the southern end of the Dan River/Danville basin (LP in Fig. 14A ). Schlische (1993) interpreted longitudinal pinchout as evidence that the Mesozoic basins lengthened through time.
SUMMARY, DISCUSSION, AND IMPLICATIONS
The scaling relationship between fault length and displacement (Fig. 2 ) and theoretical models (e.g., Cowie and Scholz, 1992b ) strongly suggest that faults grow in length as displacement accrues. Additional research indicates that many normal fault systems are segmented on a variety of scales (e.g., Jackson and White, 1989; Peacock and Sanderson, 1991) and that longer fault systems form as a consequence of the linkage of shorter fault segments (e.g., Anders and Schlische, 1994; Dawers and Anders, 1994; Wu and Bruhn, 1994) . Although earthquake ruptures are commonly reported to be confined to discrete fault segments separated by barriers to rupture propagation (e.g., Schwartz and Coppersmith, 1984) , the concept of faults lengthening through time suggests that the locations of rupture terminations cannot stay fixed over the long term (Cowie and Scholz, 1992c) . During the 1983 Borah Peak earthquake, for example, the rupture propagated through what was thought to be a long-term rupture barrier ( Fig. 12B ; Crone and Haller, 1991) . Thus, as discussed by Anders and Schlische (1994) , the rupture pattern of faults defined by neotectonic features is likely a transient phenomenon.
In light of the transience of some segment boundaries imposed by the concept of fault growth, we suggest that the geometry of extensional basins may be a better indicator of longer-term fault segmentation. Thus synclineshaped subbasins should be present along long-lived fault segments and intrabasin highs should lie adjacent to segment boundaries (see Figs. 3B and 4) . However, as noted in this report, intrabasin highs do not necessarily reflect regions of displacement deficit if they are marked by multiple overlapping faults that distribute displacement and therefore reduce overall basin depth. The geometry of the uplifted footwall block may also provide useful information on fault segmentation (Crone and Haller, 1991; Simpson and Anders, 1992; Anders and Schlische, 1994) provided that erosion and differences in erosional resistance have not significantly altered the geometry.
Several authors have stressed the role of transfer faults in extensional tectonics (e.g., Gibbs, 1984; Lister and others, 1986) . Transfer faults are generally depicted as strike-slip faults oriented parallel to the extension direction that link normal faults that may or may not dip in opposite directions. Discrete transfer faults as defined above generally do not link border fault segments in the East African rift system (Morley and others, 1990) , the Aegean Sea (Roberts and Jackson, 1991) , and the early Mesozoic basins of eastern North America (Schlische, 1993) ; such faults also are absent from the range-bounding normal fault systems in the Basin and Range province discussed in this report. Similar observations were reported by Gawthorpe and Hurst (1993) (but see Milani and Davison, 1988) . [For smaller-scale faults, transfer-type faults may link closely overlapping normal fault segments during breaching of relay ramps (Peacock and Sanderson, 1991; Trudgill and Cartwright, 1994) .] The dearth of transfer faults is not surprising given that (1) fault tips generally propagate as displacement accumulates and (2) displacement generally decreases to zero at the fault tips. Given that normal faults are generally elliptical (although the top and bottom of the ellipse may be truncated by the earthÕs surface and the base of the zone of brittle faulting, respectively) with the long axes oriented normal to the slip direction (e.g., Barnett and others, 1987; Walsh and Watterson, 1987) , it is unlikely that the extreme lateral fault tips are exposed at the surface. If for some reason both fault tips cannot propagate as displacement increases, some form of transfer fault or strain accommodation structure will be kinematically required. As noted above, if only one fault tip is pinned, the other should be free to propagate, leaving a distinctive stratigraphic signature in the associated basin (Fig. 7A) .
Despite recent advances in our understanding of fault growth, details of the actual growth and linkage process are limited, for geologists can study only the present-day geometry. On the other hand, the growth of large normal fault systems involves the formation and filling of extensional basins. Furthermore, the geometry and facies transitions recorded in synextensional strata ought to reflect the evolving geometry of the basin. Given sufficient seismic-stratigraphic or well control tied into a precise chronostratigraphy, it should be possible to determine the three-dimensional geometry of basinfilling units through time and thus constrain not only how the fault zone and its segments evolved but also the rate at which fault system grew.
The evolutionary models presented in this report suggest that the following features result from basin growth: (1) a positive relationship between basin length and width and possibly between length and depth, (2) transverse onlap, (3) longitudinal onlap, (4) longitudinal pinchout; and (5) a transition from initial basin-wide ÒfluvialÓ sedimentation to ÒlacustrineÓ deposition. Basin growth also involves the consolidation of subbasins associated with a segmented fault system; this is manifested in the stratigraphic record by older units that form restricted sequences in the original subbasins and younger units that are deposited basin-wide but may still thin toward intrabasin highs that form in the regions where fault tips propagate toward one another.
The features listed above need not always be indicative of basin growth, however. Progressive hanging-wall onlap, for example, can be produced simply by the infilling of a preexisting depression, although evidence of synfaulting sedimentation obviates this interpretation (see Fig. 13 ). A transition from areally restricted sedimentation to basin-wide deposition may reflect progressive infilling of differential relief. As noted earlier, the transition from ÒfluvialÓ to ÒlacustrineÓ sedimentation may be attributed to a decrease in sediment-supply rate rather than a progressive increase in basin capacity. Taken together, however, these features constitute strong evidence in support of basin growth. With the exception of longitudinal onlap, all features have been described in the Mesozoic rift basins of eastern North America and Cenozoic basins of the Basin and Range. The similarity in stratigraphic architecture of so many continental extensional basins ( Fig. 16 and Table 1 ) strongly suggests some fundamental tectonic control on sedimentation; we propose that fault and basin growth is primarily responsible for this phenomenon.
We attribute the lack of evidence for longitudinal onlap to a dearth of published seismic reflection profiles shot parallel to basin-bounding fault systems. Seismic profiles oriented normal to the boundary faults are far more numerous, and it is perhaps not surprising that there are many well-documented examples of transverse onlap (e.g., Fig. 13 ). Progressive hanging-wall onlap has important implications for ancient extensional basins: even though these basins are commonly deeply eroded, the oldest and most tilted synextensional deposits will not crop out at the earthÕs surface (see Fig. 4 , stage 4). Consequently, dating of the basin fill based on outcrop samples underestimates the age of extension and basin formation. Rift basins in eastern North America are likely significantly older than the current estimates of ~230-235 Ma (Olsen and others, 1989) .
Finally, we acknowledge that the basin growth and filling models described in this paper are overly simplistic. In all models except that shown in Figure 4 , the basins were always filled to the lowest outlet of the basin. Furthermore, the models fail to take into account sediment compaction, the isostatic effects of sediment loading and erosion of uplifted footwall blocks, the mechanisms by which sediment is transported into and within the basin (see two-dimensional models of Travis and Nunn, 1994) , syntectonic igneous activity, and any climatically driven fluctuations in lake-level during lacustrine sedimentation. Thus, the actual stratigraphy of extensional basins will be considerably more complicated than that shown in the models. It is therefore not surprising that actual basin stratigraphy exhibits considerable deviations from the model predictions (e.g., Fig. 6 ). Nonetheless, we hope that these models will provide a framework for interpreting the stratigraphic record of extensional basins in light of the concepts of fault and basin growth and serve as springboard for developing more realistic models.
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McMillan (1975) Elliot ( (Scholz and Cowie, 1990; Cowie and Scholz, 1992a, c; Scholz et al., 1993) n = 1.5 (Marrett and Allmendinger, 1991; Gillespie et al., 1992) n = 2 (Watterson, 1986; Walsh and Watterson, 1988) Crone and Haller (1991) . Abbreviations are: BH, Beaverhead fault system (see Fig. 12A ); GV, Grand Valley fault system; L, Lemhi fault system; LR, Lost River fault system (see Fig. 12B ), RR, Red Rock fault system; and SV, Star Valley fault system (see Fig. 12C ). Modified from Machette and others (1991) . B: Idealized footwall uplift and hanging-wall subsidence profiles (drawn parallel to fault surface) for segmented faults. In the upper diagram, fault segment boundaries are sites of persistent displacement deficit. In the lower diagram, segment boundaries are marked by overlapping faults that distribute displacement, reducing net basin subsidence, forming intrabasin highs. Modified from Anders and Schlische (1994) . C: Plot of footwall elevation and Bouguer gravity anomaly for the hanging wall of the Lost River fault. Gravity highs correlate with basement highs. Named fault segments are derived from Crone and Haller (1991) . Shading indicates segment boundaries marked by fault overlaps, which do not correspond to footwall elevation lows. Modified from Anders and Schlische (1994) . Data derived from half-graben growth and filling model (similar to Fig. 4 ) for which the volume of sediment supplied to the basin per unit time is constant; half-graben growth governed by Eq. 1, where n=1 (data based on fig. 7 of Schlische, 1991) . Curve 1 represents data derived from location near the center of the basin; data in curve 2 were derived from a more edgeward location. B: Same as A, but n=2 (data based on fig. 6 of Schlische, 1991) . C: Accumulation rates based on full-graben basin filling model of Schlische and Olsen (1990) . D: Accumulation rates derived from core data in the Newark basin (Olsen and others, 1994) . Accumulation rates were averaged over 5-m.y. Segmented fault systems and associated intrabasin highs of the northern Basin and Range (see Fig. 3A for locations). Range-bounding fault systems shown with heavier lines. A: Generalized geologic map of two intrabasin highs along the southern part of the Beaverhead fault system. Cross section passes through Blue Dome intrabasin high.
Modified from Anders and Schlische (1994) . B: Generalized geologic map of two intrabasin highs along the northern half of the Lost River fault system. Based on Crone and others (1987) , Crone and Haller (1989) , Fisher and others (1983) (Vreeland and Berrong, 1979) . B: Onlap of fluvial Stockton Formation onto basement rocks observed on seismic profile across the Newark basin, Pennsylvania (Schlische, 1992) . C: Enlargement of cross section M-M' in Figure 16 , showing onlap along the southeastern margin of the Richmond basin based on outcrop and drill hole data (Olsen and others, 1989) . D: Sketch of sea cliff at Tennycape, Nova Scotia, along southeastern margin of Fundy basin showing gently dipping fluvial strata of Triassic Wolfville Formation onlapping subvertical lacustrine strata of the Mississippian Horton Group. View is to the south. For location, see arrow in inset for Figure 14A . Note that both stratal thickening toward the border fault and hanging-wall onlap occur in A, B, and C. (Table 1) . Time scale and figure based on Olsen and others (1989) and Schlische and Olsen (1990) . 
